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A numerical study of rotating convection during tropical
cyclogenesis
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We present idealized numerical model experiments to investigate the convective
generation of vertical vorticity in a tropical depression. The ambient vertical vorticity
is represented by a uniform solid-body rotation. The calculations are motivated by
observations made during the Pre-Depression Investigation of Cloud-systems in the
Tropics (PREDICT) experiment. A specific aim is to isolate and quantify the effects
of low- to mid-level dry air on convective cells that form within a depression and,
in particular, on the generation of vertical vorticity in these cells. The results do
not support a common perception that dry air aloft produces stronger convective
downdraughts and more intense, cold-air outflows therefrom. Indeed, we find that
dry air aloft weakens both updraughts and downdraughts, corroborating the recent
results of James and Markowski.

As in the recent calculations of Wissmeier and Smith, the growing convective
cells locally amplify the ambient rotation at low levels by more than an order of
magnitude and this vorticity, which is produced by the stretching of existing ambient
vorticity, persists long after the initial updraught has decayed. Moreover, significant
amplification of vorticity occurs even for clouds of only moderate vertical extent.
The maximum amplification of vorticity is relatively insensitive to the maximum
updraught strength, or the height at which it occurs, and it is not unduly affected
by the presence of dry air aloft. Thus the presence of dry air is not detrimental to
the amplification of low-level vorticity, although it reduces the depth through which
ambient vorticity is enhanced.

Results for a limited number of different environmental soundings indicate that
the maximum amplification of vorticity increases monotonically with the strength
of the thermal perturbation that initiates the convection, but the amount of increase
depends also on the thermodynamic structure of the sounding.
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1. Introduction

The PREDICT experiment was carried out during the period

15 August–30 September 2010 to gather data on tropical

depressions with the ultimate aim of better understanding

the processes that lead to tropical cyclogenesis.∗ A specific

aim was to test the so-called ‘marsupial paradigm’ for

∗A recent review of tropical cyclogenesis is given by Montgomery and

Smith (2011).
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cyclogenesis proposed in a recent theoretical article by
Dunkerton et al. (2009). This paradigm rests on the idea
that the synoptic-scale wave in which a large proportion
of Atlantic, Caribbean and Eastern Pacific hurricanes form
contains a protected region, or ‘pouch’, consisting of a
closed cyclonic circulation in the low to middle troposphere
in a frame of reference moving with the wave. The pouch
region has weak deformation and provides a set of closed
material contours inside which air is repeatedly moistened
by convection, being protected from the lateral intrusion of
dry air and deformation by horizontal or vertical shear.

The experiment was based in St Croix in the US Virgin
Islands and its central facility was the National Centre for
Atmospheric Research GV research aircraft, a twin-engined
jet that has a typical flight duration of 9 h and can fly
at altitudes of up to about 14 km. The aircraft was used
to release Global Positioning System (GPS) dropsondes to
measure the vertical structure of wind and thermodynamic
quantities in tropical disturbances. A total of 26 missions
were flown, sampling eight tropical disturbances. Further
details and some early results of the experiment are presented
by Montgomery et al. (2012). The present study was
motivated by observations of one particular disturbance that
was declared Tropical Storm Gaston on 1 September 2010 by
the National Hurricane Center, but which was downgraded
on 2 September to a tropical depression after data from
the first PREDICT mission into the disturbance became
available. The disturbance maintained an identity that could
be tracked across the Caribbean although the convective
activity weakened considerably after 7 September. Five GV
flights were made into the disturbance on each day from 2–7
September, excepting 4 September.

During the weather briefings for the experiment, there
was much speculation that the storm failed to redevelop
because of its weak pouch that enabled dry air to penetrate
its core. The presumption was that the dry air in the lower to
middle troposphere would strengthen downdraughts from
deep convection and flood the boundary layer with low-
entropy air from above. However, later analyses of the
dropwindsonde data showed that the mission average low-
level pseudo-equivalent potential temperature increased
during the five days during which the storm was monitored
(Smith and Montgomery, 2012). While some of this increase
may have been due to the increase in sea-surface temperature
as the disturbance tracked westwards, there is certainly no
evidence of a reduction on a day-to-day time-scale that
might have thwarted Gaston’s redevelopment. The question
then is: Are there other aspects of the convection that might
be influenced by the presence of dry air that might ultimately
be detrimental to cyclogenesis?

Numerical model simulations show that when convection
occurs in an environment of non-zero vertical vorticity,
updraughts amplify the vorticity by the process of vortex-
tube stretching (Hendricks et al., 2004; Saunders and
Montgomery, 2004; Montgomery et al., 2006; Rozoff, 2007;
Nguyen et al., 2008; Wissmeier and Smith, 2011). Using
a cloud model, Wissmeier and Smith (2011) showed
that even moderately deep clouds can produce a large
amplification (by one to two orders of magnitude) of the
vertical component of absolute vorticity on time-scales of
an hour, even for a background rotation rate typical of the
undisturbed tropical atmosphere. The vorticity so produced
has a maximum in the lower troposphere and persists
long after the initial updraught has decayed. They showed

also that the tangential wind speeds induced by a single
updraught are typically no more than a few metres per
second with a horizontal scale of the order of a kilometre
and would be barely detectable by normal measurement
methods in the presence of an ambient wind field. Their
results suggest that all tropical convection away from the
equator is vortical to some degree and can significantly
amplify the vertical vorticity locally. It is not hard to
imagine, then, that the stretching of vertical vortex tubes by
a developing cumulus cloud is a fundamental process and
that it may be an important process in tropical cyclogenesis.
In fact, vortical convective clouds have been identified as
fundamental building blocks during both tropical cyclone
genesis and the intensification process (Hendricks et al.,
2004; Montgomery et al., 2006; Nguyen et al., 2008; Braun
et al., 2010; Fang and Zhang, 2010).

The foregoing studies indicate that like-signed vortical
remnants generated by convective clouds tend to aggregate
in a quasi-two-dimensional manner with a corresponding
upscale energy cascade and some of these remnants are
intensified further by subsequent convective episodes. If
the disturbance-scale circulation strengthens, the vorticity
remnants tend to become axisymmetrized by the associated
angular shear flow. In addition, system-scale inflow forced
by the aggregate latent heating from convective elements
leads to an inward advection of convectively enhanced
vorticity. Stokes’ theorem applied to a fixed area surrounding
the convection implies that there will be an accompanying
increase in strength of the disturbance-scale circulation on
account of the import† of ambient absolute vorticity into
it. When applied to a fixed area within the convective region,
the import of convectively enhanced vorticity into the area
will lead also to an increase in the circulation. As the
circulation progressively increases in strength, there is some
increase in the surface moisture fluxes. However, it is not
necessary that the moisture fluxes continue to increase with
surface wind speed (Montgomery et al., 2009). This research
forms the basis of a unified view of tropical cyclogenesis and
intensification (Montgomery and Smith, 2011). In this view,
the separate stages proposed in previous significant studies
and reviews (e.g. Frank, 1987; Emanuel, 1989; McBride,
1995; Karyampudi and Pierce, 2002; Tory and Frank, 2010)
are unnecessary.

Over the years, the common perception that dry air
generally enhances the strength of convective downdraughts
has been challenged in one way or another by a number
of authors (Brown and Zhang, 1997; Tompkins, 2001;
Redelsperger et al., 2002; Sobel et al., 2004; Kuchera and
Parker, 2006; Rozoff, 2007; Holloway and Neelin, 2009;
James and Markowski, 2009; Minoru and Sugiyama, 2010).
For example, James and Markowski (2009) performed
numerical experiments to determine the effects of dry air
aloft on quasi-linear convective systems. Using idealized
soundings of differing values of Convective Available
Potential Energy (CAPE) and moisture content, they
found that dry air aloft exerts detrimental effects on
overall convective intensity, weakening both updraughts
and downdraughts. They found also that in an environment

†The stretching and thereby amplification of ambient (or system-scale)
vorticity by convection by itself does not lead to an increase in the
circulation around a fixed loop embedded in the flow because stretching
leads to a contraction in the areal extent of the amplified vorticity (see
Haynes and McIntyre, 1987).
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with large CAPE, the influence of dry air is minimized. They
attributed the reason for weakened convection to a decline
in hydrometeor mixing ratios, as updraught buoyancy is
diluted by dry air entrainment and also downdraught
strength is weakened by smaller rates of ice melting.
However, they did find that for cloud environments with
high CAPE, dry air strengthened mesoscale downdraughts
in regions of stratiform precipitation. Kuchera and Parker
(2006) found also that dry mid-level air is not uniquely
associated with strong downdraughts leading to damaging
gust fronts.

The above findings motivate the question: if convective
downdraughts are not strengthened by the presence of
dry air, what aspects of the ensuing convection might be
detrimental to tropical cyclogenesis? Is it simply the fact
that mesoscale downdraughts are strengthened, or is it that,
by reducing the updraught strength, the dry air reduces
the ability of the convection to amplify vorticity? It is the
latter question that is a focus of the present study. The
study extends that of Wissmeier and Smith (2011), with the
specific aim of quantifying the effects of dry air aloft on
deep convection in a tropical depression environment and,
in particular, on the ability of the convection to amplify
ambient rotation. It is conceivable that a reduction of the
ability of the convection to amplify ambient rotation might
have a more detrimental effect on tropical cyclogenesis than
the effects of downdraughts by reducing the propensity of
deep convective cells to aggregate. As a necessary first step,
we focus here on the effects of dry air on a single-cloud
updraught using thermodynamic soundings based on the
data for ex-Gaston. We examine also the dependence of the
ensuing convection on the temperature excess of the initial
bubble. A study of the more complex questions concerning
the subsequent cloud merger is currently underway.

The article is organized as follows. In section 2 we
give a brief description of the numerical model and the
configuration of the experiments. The results are presented
in section 3 and the conclusions in section 4.

2. The numerical model

Following Wissmeier and Smith (2011), the numerical
model used for this study is the state-of-the-art three-
dimensional cloud model of Bryan and Fritsch (2002)
and Bryan (2002), the same model that was used also
by James and Markowski (2009). It is important to note
that the model retains several terms in the governing
thermodynamic and pressure equations that are often
neglected in atmospheric models; in particular the model
accounts for the heat content of hydrometeors (Bryan and
Fritsch, 2002). The model incorporates a parametrization
scheme for warm rain processes as well as one for processes
involving ice microphysics. The latter is Gilmore’s Li-
scheme, in which cloud water, rain water, cloud ice, snow and
hail/graupel are predicted (Gilmore et al., 2004). The model
has no parametrization of the planetary boundary layer. For
simplicity, radiation effects are neglected and there are no
surface fluxes of momentum, heat and moisture. A sixth-
order horizontal advection scheme, which is not diffusive, is
chosen. An additional artificial filter is applied for stability.
A suitable coefficient for this diffusion was suggested by
George Bryan (personal correspondence). This scheme is
applied to all variables.

2.1. Model configuration

The experiments use the same model configurations as
that of Experiment 9 from Wissmeier and Smith (2011),
except that the horizontal domain size and grid spacing are
halved to give improved horizontal resolution of the cloud
updraughts. The horizontal domain size is 25 km × 25 km
with a uniform horizontal grid spacing of 250 m. The
vertical domain extends to a height of 25 km with the vertical
grid interval stretching smoothly from 120 m at the surface
to 1000 m at the top. There are 47 grid levels in the vertical,
eight of which are below 850 mb. The large time step is
3.7 s and the integration time is 2 h. There are eight small
time steps per large time step to resolve fast-moving sound
waves. The default ‘open’ boundary conditions are used at
the lateral boundaries. A sponge layer is implemented in the
uppermost 2 km to inhibit the reflection of gravity waves
from the upper boundary. All experiments include both
warm rain processes and the ice microphysics scheme.

2.2. Initiation of convection

Convection is initiated in a quiescent environment by a
symmetric thermal perturbation with a horizontal radius
of 5 km and a vertical extent of 1 km. The temperature
excess has a maximum at the surface at the centre of the
perturbation and decreases monotonically to zero at the
perturbation’s edge. The perturbation centre coincides with
the centre of the domain. In general, the details of the ensuing
convection such as the maximum updraught strength and
the updraught depth will depend on the spatial structure and
amplitude of the thermal perturbation. While this method
for the initiation of convection is necessarily artificial, it
is unclear how to significantly improve upon it and for
this reason it has been widely used in numerical studies
of deep convection (see e.g. Weisman and Klemp, 1982;
Gilmore et al., 2004; Rozoff, 2007; Wissmeier, 2009‡) and by
Wissmeier and Smith (2011). Table 1 shows the temperature
perturbation used in the various experiments described here.

In reality, thermal perturbations over the ocean will
be linked to surface heat fluxes, but there are other ways
in which convection may be triggered such as lifting at
gust-front boundaries generated by prior convection. For
this reason, other methods for storm initiation have been
used in previous studies. One method is to begin with
a low-level cold pool that induces sufficient lifting at its
boundary to bring environmental air to its level of free
convection (LFC: e.g. Trier et al., 1996; Wissmeier et al.,
2010; Fierro et al., 2012). Another method is simply to
impose a vertical velocity at low levels to achieve the
same result (e.g. Ferrier and Houze, 1989). Both methods
are unsuitable for implementation in the simple thought
experiments formulated here, where the desire is to initiate
an updraught that is axisymmetric.

2.3. Representation of vertical vorticity

The calculations are carried out on an f -plane with the
Coriolis parameter f = ζ0, where ζ0 = 1.5 × 10−4 s−1. This

‡Section 3.4.2 therein examines the sensitivity of the storm’s initial
updraught strength on the warm bubble parameters (width, depth,
temperature excess).
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value is typical of the vertical vorticity at low levels
in ex-Tropical Storm Gaston (Mark Boothe, personal
communication). The use of an f -plane with an enhanced
value of f beyond a typical tropical value is a simple expedient
to model the background rotation of the vortex in the
present problem. For further simplicity, we have omitted
both horizontal and vertical wind shear in representing the
pouch environment. One of our main goals is to examine
and quantify the amplification of the background rotation
by deep convection in such an environment, starting with an
initial uniform background rotation and an environmental
sounding. The choice of soundings is discussed in section
2.4.

2.4. Numerical experiments

The distinguishing features of the ten numerical experiments
discussed in this article are the environmental sounding
used and the maximum temperature excess of the thermal
perturbation that initiates the updraught. The soundings
examined are a small subset of those obtained from
dropsondes launched during the missions into ex-Gaston
on 2, 3 and 5 September, 2010, but span a reasonable
range of sounding types in the pouch region. As soundings
were limited to the ceiling of the aircraft (about 14 km),
they were extended vertically using analysis data in their
proximity from the European Centre for Medium Range
Weather Forecasts 0.25◦ analyses. A list of all soundings
used is presented in Table 1. The table lists also the
relevant parameters of these experiments, including the
thermodynamic characteristics of the soundings, their date
and time and the initial temperature perturbation used to
initiate convection.

2.4.1. Experiments with idealized soundings

The first three experiments are designed to explore the
role of moisture on the dynamics and thermodynamics of
the ensuing updraught and downdraught. Experiment 1
uses an idealized sounding with piecewise-linear profiles of
virtual potential temperature, θv, and mixing ratio, r. This
sounding approximates that obtained from the dropsonde
launched at 1820 UTC on 5 September into ex-Tropical
Storm Gaston, but has somewhat lower CAPE (2770 J kg−1

compared with 3500 J kg−1). The observed sounding was
made near the centre of the low-level circulation in a region
of high total precipitable water (TPW), high CAPE§ and
zero convective inhibition (CIN).¶ In fact, it had the largest
TPW, 65.2 kg m−2, on that day.

Experiment 1 serves as a control for comparison with
Experiments 2 and 3, which have decreasing amounts of
mid-level moisture. Experiment 2 has the same moisture

§We remind the reader that CAPE is a parcel quantity that typically has
a strong negative vertical gradient in the lower troposphere. For this
reason, the values cited herein are based on an average for air parcels
lifted from the surface and at 100 m intervals above the surface to a
height of 500 m. Since the calculation of CAPE is a nonlinear function
of temperature and moisture, we prefer this method to one based on
averaged values of temperature and mixing ratio through a surface-based
layer of air with some arbitrarily prescribed depth.
¶Like CAPE, CIN is a quantity that also refers to an air parcel. Rather
than computing an average up to 500 m as for CAPE, it seems physically
more reasonable to examine the minimum value of of CIN up to this
level.

(a) (b)

Figure 1. Three idealized soundings used for Experiments 1–3 and two
actual soundings from ex-Tropical Storm Gaston on 5 September obtained
during the PREDICT Experiment. Shown are virtual potential temperature
on the left and mixing ratio on the right. Sounding labelled ‘1’ is the control
(Experiment 1), while those labelled ‘2’ and ‘3’ are modified versions
thereof, giving a progressively drier atmosphere at mid-levels (but with the
same virtual potential temperature to preserve the CAPE and CIN). The
sounding labelled ‘4’ refers to the profile with the highest moisture content
in ex-Gaston on 5 September (TPW = 65.2 kg m−2), while that labelled ‘5’ is
one of the driest profiles observed on that day (TPW = 43.5 kg m−2). This
figure is available in colour online at wileyonlinelibrary.com/journal/qj

profile as that of Experiment 1 from the surface to 2.5 km and
above 4.5 km. In the layer between these heights, the mixing
ratio is reduced by extending the linear profile of mixing
ratio at upper levels down to 2.5 km, as shown in Figure 1(b).
The relative humidity for the ‘dry’ region between 2.5 km
and 4.5 km is an average of 66%, compared with 83% for
Experiment 1. Experiment 3 is similar to Experiment 2,
but the upper-level mixing ratio profile is reduced down to
1.5 km as shown in Figure 1(b). The relative humidity for the
‘dry’ region is then 63% compared with 83% for the control.
The reduced moisture lowers the TPW values to 59.3 kg m−2

for Experiment 2 and 54.8 kg m−2 for Experiment 3. The
temperature profile of both altered soundings is adjusted
slightly to preserve the virtual temperature of the control
sounding, ensuring that each sounding has identical CAPE.
Experiments based on these soundings are used to investigate
the sensitivity of the cloud updraught and downdraught to
dry air aloft.

2.4.2. Experiments with observed soundings

Experiment 4 is carried out with the observed sounding on
which Experiment 1 was based while, Experiment 5 is carried
out with the sounding at 1448 UTC, which is one of the driest
on that day with a TPW of 43.5 kg m−2 (see Figure 2 of Smith
and Montgomery (2012)). Again, the flow environment is
taken to be quiescent. It is seen that the idealized profiles
are broadly realistic: the θv profiles of all soundings are very
similar (Figure 1(a)) and the mixing ratios in Experiments
1–3 lie within those of the driest and moistest soundings
made on 5 September (Figure 1(b)). The two observed
soundings are illustrated by the curves labelled ‘4’ and ‘5’ in
Figure 1. The sounding in Experiment 5 has a CAPE value
of 1145 J kg−1, only a third of that in Experiment 4, and a
CIN of 21 J kg−1. Five additional experiments were carried
out using other observed profiles, three to examine the
dependence of the ensuing convection on the temperature
excess of the initial bubble for a sounding of moderate
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Table 1. Launch time and details of the ten experiments studied herein. CAPE averaged from the surface to 500 m in J kg−1, minimum CIN between the
surface and 500 m in J kg−1, and total precipitable water (TPW) in kg m−2. �T refers to the strength of the initial thermal perturbation. * refers to an

idealized profile created using dropsonde data from the given date and time as a basis.

Exp Sounding Date Sounding Time TPW CAPE CIN �T
# d/m/yy UTC kg m−2 J kg−1 J kg−1 K
1 5/9/10* 18:20 62.3 2770 40 2
2 5/9/10* 18:20 59.3 2770 40 2
3 5/9/10* 18:20 54.8 2770 40 2
4 5/9/10 18:20 65.2 3500 0 2
5 5/9/10 14:48 43.5 1145 21 2
6 2/9/10 17:03 67.1 1650 0 2
7 2/9/10 17:03 67.1 1650 0 1
8 2/9/10 17:03 67.1 1650 0 0.25
9 3/9/10 17:57 58.7 1900 5 2
10 3/9/10 17:57 58.7 1900 5 3.5

CAPE (1650 J kg−1) and zero CIN, for soundings where
the parcel buoyancy is expected to be relatively large at
low altitudes (Experiments 6–8), and two soundings with
a moderate CAPE (1900 J kg−1) and small CIN (5 J kg−1)
to examine the structure of convection where the parcel
buoyancy is expected to become appreciable only above 2 km
(Experiments 9–10). Further details of these experiments are
given in the relevant subsections.

3. Results

3.1. Convective cell evolution

Much of our interest herein is focussed on the life cycle
of the first convective updraught triggered by the initial
thermal bubble, i.e. the first hour of the simulation. The
evolution of the updraught is summarized by time–height
cross-sections of various quantities at the centre of the
domain, where the initial updraught forms. Figure 2
shows cross-sections of vertical velocity w and density
temperature difference dTρ between the updraught and
the environment for Experiments 1–3, respectively. The
quantity dTρ is a measure of the buoyancy including the
effects of water loading (Emanuel, 1994, chapter 2). Figure 3
shows cross-sections of total liquid water (cloud water plus
rainwater) and total ice content (hail, graupel, snow and
ice) for these experiments. Table 2 gives details of the
updraught and downdraught strength for all experiments.
These details include the maximum density temperature
difference between the updraught and the environment
(dTρ max), the maximum liquid water content (qL max),
the maximum ice content (qIce max), the maximum density
temperature difference (dTρ min) between the downdraught
and the environment and the maximum difference in
pseudo-equivalent potential temperature (dθe min) between
the downdraught and the environment at the surface.

In all ten experiments, the flow evolution is similar to
that described many times previously (see Wissmeier and
Smith, 2011, section 4.1). In brief, the updraught that
forms the first convective cell is initiated by the buoyancy
of the initial bubble. The updraught develops slowly at
first, but increases rapidly in vertical extent and strength as
additional buoyancy is generated by the latent heat released
by condensation. Cloud water produced by condensation is
carried aloft in the updraught, and if it ascends high enough
it freezes, thereby generating additional buoyancy through
the latent heat of fusion. A fraction of the condensate grows

large enough to fall against the updraught as ice, snow or
rain and subsequently generates a downdraught.

Figure 4 shows vertical cross-sections of selected fields
through the domain centre in Experiment 1 at 30 min, when
the initial cloud is still growing rapidly, and at 60 min, when
the updraught has decayed. Panel (a) shows isopleths of the
vertical mass flux M = ρo(x, z)w(x, z) with the 0.2 g kg−1

contour of cloud water plus ice and the 0.5 g kg−1 contour
of rain water superimposed at 30 min. At this time, the mass
flux is generally positive throughout the cloud, but there is
a narrow strip of subsidence around the upper part of the
cloud as the cloud penetrates the air above it.

Figure 4(b) shows the corresponding cross-section of
dTρ . The positive values through much of the cloud indicate
that the updraught is still buoyant through much of its
depth, despite the water loading. There is a region of
negative buoyancy below 2 km, which is in part a result
of water loading and in part due to the lifting of stably
stratified air below the updraught following the ascent of the
warm bubble initiating convection (note that this negative
buoyancy extends laterally well beyond the region of water
loading). The two areas of positive buoyancy on either side
of the cloud are associated with transient subsidence as the
updraught penetrates the stably stratified environmental air
and the area of negative buoyancy near the cloud top
is associated with the forced ascent of stably stratified
environmental air ahead of the cloud. This time is just
prior to that when ice begins to form.

Figure 4(c) shows the cross-section of pseudo-equivalent
potential temperature, θe, at 30 min and illustrates how the
cloud is effectively a plume of relatively high near-surface
values of θe that mixes with lower values of θe from low and
middle tropospheric levels as it ascends.

The cross-section of the vertical component of relative
vorticity, ζ , at 30 min indicates that there is a significant
amplification of the ambient vorticity extending almost
to the top of the cloud, but the vorticity generated is
a maximum at low levels (Figure 4(d)). These findings
corroborate those of Wissmeier and Smith (2011). This
amplification of vorticity is a result of the stretching of
ambient absolute vorticity by the vertical gradient of the
mass flux, which is positive at this time up to a height of
a little over 6 km (Figure 4(a)). The evolution of ζ will be
examined in more detail in section 3.3.

While the assumption of an axisymmetric thermal rising
in an environment without vertical shear is certainly an
idealization, it is not totally unrealistic as suggested by the
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(a) (b)

(c) (d)

(e) (f)

Figure 2. Height–time series of maximum vertical velocity w (left column) and density temperature difference between the updraught and its
environment dTρ (right column) taken at the centre of the updraught in Experiments 1–3. Contour interval for w: thin contours 2 m s−1, thick contours
4 m s−1. Thick black contours show values above 20 m s−1 and are in intervals of 5 m s−1. Solid contours (red in the online article) show positive values,
dashed contours (blue in the online article) negative values. Contour interval for dTρ : thin contours 0.25 K, 0.5 K, 0.75 K, thick contours 1 K. This figure
is available in colour online at wileyonlinelibrary.com/journal/qj

Table 2. Maximum vertical velocity (wmax) at the centre of the domain, the height of this maximum (z(wmax)), minimum vertical velocity below 10 km
(wmin) at the centre of the domain, the height of this minimum (z(wmin)), the maximum liquid water content (qL max) and the maximum ice content
(qIce max) in Experiments 1–10. Also listed are the density perturbation temperature (dTρ max), the height of this maximum, the minimum surface density
perturbation temperature (dTρ min), which indicates the strength of the low-level cold pool, and the minimum surface pseudo-equivalent potential

temperature depression (dθe min).

Expt. wmax z(wmax) wmin z(wmin) qL max qIce max dTρ max z(dTρ max) dTρ min dθe min

m s−1 km m s−1 km g kg−1 g kg−1 K km K K

1 27.1 6.5 −9.6 1.3 11.4 8.6 4.4 4.0 −2.6 −21.0
2 25.0 4.7 −7.6 2.5 10.1 7.1 4.1 3.8 −1.9 −15.4
3 16.5 2.8 −6.9 2.2 6.4 2.2 2.4 3.2 −0.8 −20.2
4 34.0 10.5 −10.9 6.1 16.7 16.6 8.2 8.4 −3.8 −10.0
5 11.4 3.1 −6.3 1.6 6.1 0.3 2.0 1.0 −2.3 −0.5
6 34.0 12.0 −6.0 3.5 15.1 10.1 4.6 11.8 −3.7 −13.2
7 28.0 11.7 −6.0 3.1 14.4 8.1 3.4 4.4 −4.5 −11.4
8 21.0 13.1 −5.3 2.5 12.0 5.5 3.1 4.2 −3.9 −12.4
9 27.7 7.6 −9.9 3.1 9.7 9.1 5.2 5.8 −3.7 −3.3
10 27.7 6.5 −11.4 2.2 13.8 12.2 6.0 6.6 −3.4 −17.5

c© 2012 Royal Meteorological Society Q. J. R. Meteorol. Soc. 139: 1255–1269 (2013)
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(a) (b)

(c) (d)

(e) (f)

Figure 3. Height–time series of maximum total liquid water (cloud water + rain water) taken at the centre of the updraught (left panels) and maximum
total ice water (snow, ice, hail and graupel; right panels) in Experiments 1–3. Contour interval: thin contours 0.1, 0.25, 0.5 and 0.75 g kg−1; thick contours
2 g kg−1 starting at 1 g kg−1. This figure is available in colour online at wileyonlinelibrary.com/journal/qj

cloud in the photograph of a moderately deep, precipitating
cumulus congestus cloud shown in Figure 5.

The updraught in Experiment 1 attains a maximum value
of 27.1 m s−1 at a height of 6.5 km after about 26 minutes
(see Figure 2(a) and Table 2). The updraught subsequently
decays because of mixing with ambient air and water loading.
The water loading initiates a downdraught that is cooled as
a result of melting and sublimation. The cooling is aided by
the partial evaporation of rain as it falls into unsaturated
air below cloud base. Finally, a pool of cold air forms and
spreads out near the surface.

The lower panels of Figure 4 show similar vertical cross-
sections to the upper panels, but at 60 min. At this time,
the updraught has all but decayed (panel (e)), but a plume
of enhanced relative vorticity remains within and below
the cloud (panel (h)). The amplified vorticity is a legacy
of that generated by stretching during the earlier stages of
updraught development. There is little remaining positive
buoyancy in the cloud, which is mostly composed of an anvil
of ice and a decaying rain shaft that has negative buoyancy
(panel (f)). There is a marked layer of cool downdraught

air at the surface. The θe cross-section at this time (panel
(g)) shows that the plume generated by the updraught has
been replaced by one generated by the downdraught, which
has brought air with low values of θe near to the surface.
Of interest is how these structures are modified by the
presence of dry air aloft, a topic that we examine in the next
subsection.

Secondary cells of convection may be triggered along
the cold pool’s spreading gust front if the air ahead of
it is sufficiently unstable. This happens in Experiments 4
and 6–8. In these, the subsequent flow evolution becomes
more complicated than that shown in Figure 4, losing its
axisymmetric structure.

At this point it is worth drawing attention to the likeness
between the time–height cross-sections shown in Figures 2–4
and those of Ferrier and Houze (1989; their figures 7, 8 and
10) obtained using a one-dimensional cloud model. Since
we do not have to make many of the assumptions that they
did, our results may be interpreted as support for the realism
of their simple model.
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(a) (b) (c) (d)

(e) (f) (g) (h)

Figure 4. Vertical cross-sections through the domain centre of (a, e) vertical mass flux M, (b, f) density temperature difference dTρ between the cloud
and its environment, (c, g) pseudo-equivalent potential temperature θe, and (d, h) the vertical component of relative vorticity ζ in Experiment 1 at 30 min
(upper row) and 60 min (lower row). Also shown are the cloud boundaries, characterized by the 0.1 g kg−1 contour of cloud water + ice (light blue thick
dashed curve) and the rain shaft, characterized by the 0.5 g kg−1 contour of rain water (thick black curve). In panel (f), the region of ice is delineated
by the 0.1 g kg−1 contour of ice (green thick dashed curve). The calculations using a square horizontal grid lead to a weak azimuthal wavenumber-4
asymmetry that is most prominent in the vorticity field. This asymmetry accounts for the departures from axisymmetric features in panels (d) and (h).
Contour interval: for M, 1 kg s−1 m−2; for dTρ , 0.5 K; for θe, 3 K; for ζ , thin contours 5 × 10−4 s−1. Contours of θe change colour from blue at 345 K to
red at and above 348 K.

3.2. The effects of dry air aloft

A comparison the values of wmax for Experiments 1, 2 and
3 in Table 2 shows that updraught is significantly weakened
in Experiment 3 when moisture is removed from the lowest
levels (i.e. below 2.5 km), but less so when these levels remain
moist (Experiment 2). The updraughts in Experiments 2
and 3 have maximum values of 25 m s−1 and 16.5 m s−1 at
heights of 4.7 and 2.8 km, respectively. Thus the presence
of the environmental layer of dry air reduces the updraught
strength as well as the altitude attained by the updraught,
the reduction being most dramatic in Experiment 3. The
foregoing reductions are a manifestation of the diminished
updraught buoyancy (compare panels (b), (d) and (f) in
Figure 2). Note that the maximum buoyancy in Experiment
1 is nearly double that of Experiment 3 (dTρ max = 2.4 K
compared with 4.4 K). As expected, there is a monotonic

relationship between the maximum vertical velocity and the
maximum buoyancy.

The reduced buoyancy may be attributed to the
entrainment of the drier air, which decreases the amount of
water that condenses and therefore the amount of latent heat
release. The effect is evident in a comparison of the liquid
water and ice mixing ratios between the three experiments
(see Figure 3 and Table 2). The maximum liquid water
content is 10.1 g kg−1 in Experiment 2 and only 6.4 g kg−1

in Experiment 3, compared with 11.4 g kg−1 in Experiment
1. The lower liquid water content means also that there are
fewer water particles to freeze and therefore less generation
of additional buoyancy above the freezing level by the latent
heat of freezing. Note that in Experiment 1, a relatively large
ice mixing ratio leads to a large vertical velocity maximum
at a height of 6.5 km. In contrast, there are comparatively
few ice hydrometeors in Experiment 3 as the cloud ascends
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Figure 5. Photograph of a precipitating cumulus congestus cloud with
little or no vertical shear in the lower and middle the troposphere taken
from the Pacific Island of Guam in August 2008. This figure is available in
colour online at wileyonlinelibrary.com/journal/qj

only slightly above the freezing level, which is about 5.5 km
high.

The foregoing results are supported by those of
Experiments 4 and 5. These use observed soundings of
temperature and humidity with similar profiles of θv to the
idealized profile in Experiments 1–3, but have differing
amounts of low-level moisture (Figure 1). Additional
information about these soundings is contained in Figure 6,
which compares the vertical structure of θv, θe

‖ and
saturation pseudo-equivalent potential temperature (θes)
for each of them. The former sounding lies in the region
of highest TPW near the centre of circulation and the
latter in the drier air to the south of this region (the
location of the soundings in relation to the TPW and surface
pressure distributions are shown in Figure 2 of Smith and
Montgomery, 2012).

The vertical lines in Figure 6 show the θe values for air
parcels at the surface and at a height of 100 m above the
surface. Since θe is conserved∗∗ for undilute ascent with or
without condensation, these lines represent the θe of moist
air parcels lifted from these levels. Moreover, the distance
between the vertical line and the θes curve at a given height is
roughly proportional to the buoyancy of the lifted air parcel
at this height, with the buoyancy being positive when the
parcel line is to the right of the θes curve. Thus, assuming
undilute ascent, the first intersection of the vertical line
with the θes curve is the approximate LFC and the final
intersection is approximately equal to the level of neutral
buoyancy (LNB) for the particular air parcel (see Ooyama,
1969; Emanuel, 1994; Holton, 2004). Furthermore, the area
between these lines and the θes curve in the range between
the LFC and LNB is roughly proportional to the CAPE and
that between the surface and the LFC is roughly proportional
to the CIN.

Time–height cross-sections of vertical velocity for
Experiments 4 and 5 are shown in Figure 7. The maximum
updraught and downdraught velocities in Experiment 4
are 34 and 10.9 m s−1, respectively (see Figure 7(a) and

‖The pseudo-equivalent potential temperature was calculated using
Bolton’s formula (Bolton, 1980).
∗∗It is perhaps worth noting that the numerical model used here only
conserves θe approximately.

(a) (b)

Figure 6. Vertical profiles of θv, θe and θes for two soundings made in
ex-Gaston on 5 September: (left) 1820 UTC and (right) 1448 UTC. The
left curves (red in the online article) show θv, the middle curves (blue
in the online article) show θe and the right curves (black) saturated θes.
The locations of these soundings relative to the TPW and surface pressure
distribution are shown in Figure 1 of Smith and Montgomery (2012). The
vertical lines in the figure show the θe values for air parcels at the surface
and at a height of 100 m above the surface. This figure is available in colour
online at wileyonlinelibrary.com/journal/qj

Table 2). These values are both larger than the corresponding
values in Experiment 1, which are 27.1 and 9.6 m s−1,
respectively. The maximum buoyancy, characterized by
dTρ max, is larger also (8.2 K compared with 4.4 K). These
differences may be attributed to the fact that the mixing
ratio is 1–2 g kg−1 larger in Experiment 4 below a height
of 1 km (Figure 1). In contrast, the maximum updraught
velocity in Experiment 5 (11.4 m s−1) is less than that in
Experiment 3 (16.5 m s−1), also the maximum buoyancy
is slightly weaker (2 K compared with 2.4 K). Further, the
updraught only just extends above the freezing level so
that there is little ice produced and little latent heat of
fusion released. The downdraught velocity is only marginally
less than that in Experiment 3 (6.3 m s−1 compared with
6.9 m s−1). These differences are presumably because the
sounding in Experiment 5 is drier than that in Experiment
3 in the air layer between about 2 and 4 km and near the
surface (see Figure 1(b)).

At this point it is worth noting that the maximum vertical
velocities in Experiments 1, 2 and 4, which range between
25 and 34 m s−1, are somewhat high compared with those
commonly reported in deep tropical convection, where
values in the range 10–25 m s−1 are more typical (LeMone
and Zipser, 1980; Houze et al., 2009). The high values
here, which were only on the axis, are presumably due
to the strength of the thermal bubble (2 K), which may
be unrealistically large for thermal perturbations over the
tropical oceans. When we repeated Experiments 1–3 with a
1.5 K bubble, the maximum vertical velocities were reduced
to 22.5, 18.7 and 8.6 m s−1, but all the conclusions regarding
the effects of dry air discussed below were unchanged.
However, when these experiments were repeated with a
1 K bubble, convection was not initiated in any of them.
We chose a 2 K bubble so that deep convection would be
initiated in all experiments. Finally, it is worth noting also
that the maximum observed vertical velocities determined
by aircraft penetrations may be expected to have a bias
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(a) (b)

Figure 7. Height–time series of maximum vertical velocity w at the centre of the updraught in (a) Experiment 4 and (b) Experiment 5. Contour interval
for w: thin contours 2 m s−1, thick contours 4 m s−1. Thick black contours show values above 20 m s−1 and are in intervals of 5 m s−1. Solid contours
(red in the online article) show positive values, dashed contours (blue in the online article) negative values. This figure is available in colour online at
wileyonlinelibrary.com/journal/qj

because, for safety reasons, pilots will not normally fly into
the most intense updraughts.

Traditional reasoning would suggest that the ensuing
convection within a relatively dry mid-level environment
would lead to comparatively strong downdraughts (e.g.
Emanuel, 1994). However, this idea is not borne out by the
results of the present calculations. Indeed, in Experiments
1–3 the strongest downdraught (9.6 m s−1) occurs in
Experiment 1, while the downdraughts become progressively
weaker as the environment becomes drier (see Table 2).
The negative buoyancy of the downdraught characterized
by dTρ min diminishes also with increasing dryness, being
−2.6 K in Experiment 1, −1.9 K in Experiment 2 and only
−0.8 K in Experiment 3.

In the drier environment of Experiments 2 and 3, the
negative vertical gradient of θe is much larger at low levels
than in Experiment 1, especially just above 1 km, where the
dry air is introduced (see Figure 1(b)). Thus, the weaker
downdraughts in Experiment 3 are able to bring down low-
θe air into the boundary layer with θe values comparable
to those in Experiment 1 (note that dθe min is −21 K in
Experiment 1 and −20.2 K in Experiment 3: see Table 2).
For this reason, the minimum depression in θe does not
decrease monotonically in Experiments 1–3 and, perhaps
not surprisingly, there is not a monotonic relationship
between dθe min and dTρ min in Table 2.

A similar finding concerning the dependence of down-
draught strength on mid-level dryness was described in a
recent numerical modelling study of mid-latitude convec-
tive systems (both quasi-linear systems and supercells) by
James and Markowski (2009). They found that dry air aloft
‘reduces the intensity of the convection, as measured by
updraft mass flux and total condensation and rainfall. In
high-CAPE line-type simulations, the downdraught mass
flux and cold pool strength were enhanced at the rear of the
trailing stratiform region in a drier environment. However,
the downdraft and cold pool strengths were unchanged in
the convective region, and were also unchanged or reduced
in simulations of supercells and of line-type systems at lower
CAPE.’ They noted also that ‘when dry air was present, the
decline in hydrometeor mass exerted a negative tendency on
the diabatic cooling rates and acted to offset the favourable
effects of dry air for cooling by evaporation. Thus, with
the exception of the rearward portions of the high-CAPE
line-type simulations, dry air was unable to strengthen the
downdrafts and cold pool.’ Weaker downdraughts would be

Figure 8. Scatter plot of maximum downdraught velocity against
maximum liquid water content (marked by star symbols) in Experiments
1–10 (indicated by the numbers).

expected if the water loading, characterized by the sum of
liquid water and ice mixing ratios, is decreased. The presence
of fewer ice hydrometeors would lead to less cooling due
to melting and sublimation and fewer raindrops would lead
also to less cooling by partial evaporation below cloud base.
These features are confirmed by the experiments carried out
here. As seen in Table 2 and in the scatter plot of Figure 8, the
experiments with lower liquid water content in a particular
set (Experiments 1–5, 9–10)†† have weaker downdraughts.
In fact, a drier environment leads to weaker updraughts and
downdraughts irrespective of the presence of ice hydromete-
ors. This result was demonstrated by repeating Experiments
1–3 with the ice microphysics scheme switched off (not
shown).

It was thought by PREDICT forecasters that the failure
of ex-Tropical Storm Gaston to redevelop was because dry
Saharan air layer aloft suppressed the system by flooding
the boundary layer with cool downdraught air. The dry air
was evident in multiple satellite products. The Saharan air
layer is considered hostile to Atlantic tropical convection
(Dunion and Veldon, 2004). Our experiments with dry air
aloft suggest an alternative hypothesis for the failure of
ex-Tropical Storm Gaston to redevelop. By weakening the
updraught strength, the dry air would make the updraught
less effective in amplifying vertical vorticity. We examine
this effect in the next section.

††Experiments 6–10 are discussed later in this section.
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3.3. The amplification of ambient vertical vorticity

Since the pioneering study of Hendricks et al. (2004),
there is growing evidence that all deep convection, and
even convection of moderate vertical extent, produces a
significant amplification of existing local vertical vorticity
by vortex-tube stretching, even in the absence of ambient
vertical shear (Wissmeier and Smith, 2011, and references).
There is evidence also that this convectively generated
vorticity is important in both the genesis of tropical
cyclones (e.g. Hendricks et al., 2004; Montgomery et al.,
2006) and their intensification (e.g. Nguyen et al., 2008;
Shin and Smith, 2008; Fang and Zhang, 2010). Such
vorticity is able to interact with like-signed patches of
vorticity produced by neighbouring convective cells, to
be strengthened further by subsequent convection and to
be progressively axisymmetrized by the angular shear of
the parent vortex as discussed in Montgomery et al. (2006)
and Nguyen et al. (2008). These findings naturally motivate
the question foreshadowed in the Introduction: if the most
important effect of mid-level dry air on convective clouds is
to reduce the updraught strength rather than to increase the
downdraught strength, is the detrimental effect of dry air on
tropical cyclogenesis simply that it reduces the ability of the
convection to amplify locally the ambient vertical vorticity?
While an answer to this question calls for model simulations
in which there are many clouds, it is still pertinent to quantify
the effects of dry air on the ability of a single cloud to amplify
vorticity.

Wissmeier and Smith (2011) showed that the first
updraught produces a large amplification of the background
vorticity at low levels and that this vorticity remains after the
updraught has decayed. The same occurs in the calculations
carried out here as seen in the vertical cross-sections of
ζ shown in Figure 4, in the time–height cross-sections of
vertical vorticity for Experiments 1–8 shown in Figure 9
and in the values for the maximum vertical vorticity (ζmax)
as a fraction of the background vorticity (ζ1) in Table 3.
The maxima of ζmax/ζ1 in Table 3 and the time of their
occurrence, tζmax , refer to the first convective updraught,
which, as noted earlier, forms along the axis. The third and
and fourth column of the table list the maximum values of ζ

attained in any location and their times of occurrence. This
is because, in Experiments 4 and 6–8, new updraughts are
triggered along the gust front produced by the initial cell
and these amplify the existing vertical vorticity further.

The maximum amplification by the first updraught in
Experiments 1–3 is about 85–88 times the background
vorticity and occurs at the surface after about 24 min.
Perhaps surprisingly, the magnitude of the amplification is
insensitive to the maximum updraught strength or vertical
extent of the cloud, although deeper clouds produce an
amplification of the vorticity through a deeper layer of the
atmosphere (cf. panels (a), (b) and (c) of Figure 9). An even
larger amplification occurs in Experiments 4 and 5 (117
times in the former and 121 times in the latter) despite the
large difference in the vertical extent of the updraughts in
these two experiments (see Figure 2).

The fact that ζmax/ζ1 is virtually the same in Experiments
1–3, which all have the same temperature and moisture
profiles below a height of 1.5 km, suggests that factors
other than the sounding play a role in determining the
amplification of vorticity. One possible factor is the strength
of the inital thermal perturbation, since this quantity

Table 3. The degree of amplification of the ambient vorticity by the first
updraught cell (ζmax/ζ1) and the time (tζmax ) at which it occurs, and the
degree of amplification of the ambient vorticity over the entire domain
(ζdom−max/ζ1) to capture further amplification by secondary cells, should
they occur. Also listed is the time of this secondary maximum, tζdom−max

.
A blank value indicates that secondary convection was not triggered.

Expt. ζmax/ζ1 tζmax ζdom−max/ζ1 tζdom−max
min min

1 88 26 – –
2 88 26 – –
3 85 24 – –
4 117 28 197 82
5 121 40 – –
6 122 28 173 54
7 94 30 180 72
8 48 42 170 96
9 121 28 – –
10 139 24 – –

determines the vertical profile of buoyancy and its time
variation. In turn, the buoyancy profile determines the
vertical gradient of the vertical mass flux that is responsible
for the production of vertical vorticity by the stretching
of existing vorticity. The similarities between ζmax/ζ1 in
Experiments 4 and 5 would then be attributable to the fact
that there are only slight differences between the temperature
and moisture profiles at low levels in these experiments.
Further investigation of the effects of the strength of the
initial thermal bubble is the topic of the next section.

3.4. Sensitivity to initial bubble strength

The three Experiments 6–8 all use the sounding made in
ex-Tropical Storm Gaston at 1703 UTC on 2 September (see
left panel of Figure 10), but have initial thermal bubbles
with temperature excesses of 2, 1 and 0.25 K respectively.
The sounding has a lower value of CAPE than that in
Experiment 4 (1650 J kg−1 compared with 3500 J kg−1),
but a slightly larger TPW (67.1 kg m−2 compared with
65.2 kg m−2). Moreover, like Experiment 4 it has zero CIN
(see section 2.4.1 for the definition of CIN used here). Thus
convection is easily initiated, even with an initial thermal
perturbation of 0.25 K. These three experiments are designed
to assess the role played by the strength of the initial bubble
on the ensuing convection.

The evolution of the updraught in the three experiments
is shown in Figure 11 and a comparison of maximum
updraught strengths is detailed in Table 2. As expected,
a decrease in strength of the initial thermal perturbation
leads to a monotonic decrease in the maximum updraught
strength, the maximum liquid water and ice contents and
the maximum density perturbation temperature. However,
the downdraught strength does not change appreciably (it
varies by less than 1 m s−1). Even so, in the case with
the initial thermal perturbation of only 0.25 K, convection
reaches a depth of 15 km. The maximum amplification of
vertical vorticity in the three experiments is 122, 94 and 48
times, respectively, i.e. it decreases monotonically with the
temperature excess of the initial bubble, in line with the
arguments given in the previous section.

As noted above, new updraughts are triggered along
the gust front produced by the initial cell in Experiments
4 and 6–8 (note that these experiments have soundings
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(a) (b)

(c) (d)

(e) (f)

(g) (h)

Figure 9. Height–time cross-sections of maximum vertical component of relative vorticity taken in the centre of the updraught in Experiments 1–8.
Contour interval = 1 × 10−3 s−1. Solid contours (red in the online article) show positive values, dashed contours (blue in the online article) negative
values. The thin solid curve shows the 0.5 × 10−3 s−1 contour. This figure is available in colour online at wileyonlinelibrary.com/journal/qj

with zero CIN: see Table 1). These updraughts amplify
the existing vertical vorticity further as indicated in the
two right columns of Table 3. The amplification of relative
vorticity in Experiment 4 increases from 117 times the
background ambient value after the first cell to 197 times in
subsequent cells. Similar increases are found in Experiments
6–8. In particular, the amplification by secondary cells in
Experiment 8 is 170 times the background ambient value,
which is over three times the amplification produced by the

initial cell. The evolution of the maximum relative vorticity
for Experiments 6–8 is shown in Figure 11(d).

Experiments 9 and 10 use the sounding made in ex-
Tropical Storm Gaston at 1757 UTC on 3 September (see
right panel of Figure 10), which is typical of those on
the periphery of the pouch and has a lower CAPE than
in Experiments 6–8 and non-zero CIN (see Table 2).
Experiment 9 is initialized with a 2 K thermal perturbation
and in this case the initial updraught produces a 121×
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(a) (b)

Figure 10. Legend as for Figure 6, but for the two soundings in ex-Gaston
at (left) 1703 UTC on 2 September and (right) 1757 UTC on 3 September.
This figure is available in colour online at wileyonlinelibrary.com/journal/qj

amplification of the vorticity. In contrast, in Experiment
10, which is initialized with a 3.5 K thermal perturbation,
the first updraught cell produces a 139× amplification
of the vorticity. As in the previous experiments, there
is a monotonic increase in the maximum amplification
of vorticity with increasing strength of the thermal
perturbation.

3.5. Relevance to tropical cyclogenesis

The precise way in which the stretching and thereby
amplification of ambient vertical vorticity in clouds impacts
tropical cyclogenesis remains a topic of active research.
However, a range of numerical simulations to date (e.g.
by Hendricks et al., 2004; Montgomery et al., 2006; Nguyen
et al., 2008; Shin and Smith, 2008; Fang and Zhang, 2010)
indicate that the amplification of vertical vorticity by
clouds is followed by a merger, aggregation and subsequent
axisymmetrization of the remnant vorticity anomalies,
leading to an upscale cascade of cyclonic vorticity to form
a nascent vortex. The aggregation process is assisted by the
system-scale convergence driven by the collective buoyancy
of the clouds themselves. In the presence of ambient vertical
shear, the clouds generate anticyclonic vorticity anomalies
also by tilting horizontal vortex tubes into the vertical,
but the cyclonic anomalies tend to be stronger as a result
of the existing cyclonic ambient vorticity. Nevertheless, a
segregation mechanism comes into play in which like-signed
vorticity anomalies agglomerate, with the stronger cyclonic
anomalies ultimately becoming the dominant features. As
discussed in the foregoing articles (see e.g. Nguyen et al.,
2008, section 3.1.5), the merger and segregation processes
can be understood broadly in terms of barotropic dynamics,
although the finer details of these processes in a baroclinic
vortex are still under investigation.

In the context of the foregoing remarks, we draw
attention to a recent article by Braun et al. (2012),
which investigates the impact of dry mid-level air on
tropical-cyclone intensification (not genesis) using idealized
model simulations. The study investigates the potential
negative influence of dry mid-level air on intensification, in

particular ‘its role in enhancing cold downdraft activity and
suppressing storm development’. Specifically, they use the
Weather Research and Forecasting model to construct two
sets of idealized simulations of tropical-cyclone development
in environments with different configurations of dry air. A
principal finding is that ‘dry air slows the intensification
only when it is located very close to the vortex core at
early times’, but that ‘all storms eventually reached the same
steady-state intensity’. The study appears to be built on
the premise that mid-level dry air should enhance cold
downdraft activity, but a finding was that ‘. . . strong
downdraft cooling in and of itself does not necessarily
inhibit intensification. Instead, it may need to be coupled
with the production of storm asymmetries that have the
potential to dramatically change the radial distribution of
diabatic heating and push the heating peak away from
the high vorticity core.’ Interestingly, no mention is made
about the possible effects of dry air on the generation of
in-cloud vertical vorticity, which the studies referenced in
the paragraph above have shown to be a prominent feature
of the tropical-cyclone intensification process.

4. Conclusions

We have described a series of numerical experiments
designed to isolate the effects of dry air aloft on deep
convection, including the efficacy of the convection in
amplifying the vertical component of low-level ambient
vorticity. Experiments were carried out also to determine
the effects of the initial thermal trigger on the ensuing
convection. The main focus was on convection that
develops within a tropical depression environment using
a few thermodynamic soundings acquired during the
2010 PREDICT experiment, or idealized soundings based
on these. The initial structure of vertical vorticity was
idealized by assuming solid-body rotation, but with a
value characteristic of disturbances observed during the
experiment.

The calculations do not support a common perception
that dry air aloft produces stronger convective downdraughts
and more intense outflows. Rather, the entrainment of dry
air aloft was found to weaken both convective updraughts
and downdraughts. Consistent with the recent findings of
Wissmeier and Smith (2011), growing convective cells locally
amplify the ambient rotation at low levels by more than an
order of magnitude and this vorticity, which is produced
by the stretching of existing ambient vorticity, persists long
after the initial updraught has decayed.

Significant amplification of vorticity occurs even for
clouds of only moderate vertical extent. The maximum
amplification of vorticity is relatively insensitive to the
maximum updraught strength and/or the height at which it
occurs. Extending the findings of Wissmeier and Smith
(2011), we showed that the degree of amplification is
insensitive to the presence of dry air aloft. Thus our results
provide an answer to the question posed earlier: does the
reduction of the updraught strength by dry-air entrainment
have the most detrimental effect on tropical cyclogenesis by
reducing the ability of the convection to amplify ambient
rotation? Our results suggest that the answer to this question
is no. Nevertheless, the reduction in the depth of the
strengthened rotation may be an important effect of dry air
on the dynamics of tropical cyclogenesis. For example, we
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(a) (b)

(c) (d)

Figure 11. Height–time series of maximum vertical velocity w at the centre of the updraught in Experiments 6–8 (panels (a)–(c), respectively). Contour
interval for w: thin contours 2 m s−1, thick contours 4 m s−1. Thick black contours show values above 20 m s−1 and are in intervals of 5 m s−1. Solid
contours (red in the online article) show positive values, dashed contours (blue in the online article) negative values. Panel (d) shows the time evolution
of the domain maximum of ζ in these experiments. This figure is available in colour online at wileyonlinelibrary.com/journal/qj

might speculate that a deeper circulation may be less prone
to decay, a possibility that merits further investigation.

Results for a limited number of different environmental
soundings showed that the maximum amplification of
vorticity increases monotonically with the strength of
the thermal perturbation used to initiate the convection.
However, the amount of increase depends also on the
thermodynamic structure of sounding. Thus, in reality,
the amplification of vorticity may depend strongly on
the strength of the trigger that initiates the convection,
which is generally not known. It depends also on
the the low-level thermodynamic structure of sounding.
Our current understanding of the way in which the
amplification of vertical vorticity by stretching in convective
clouds influences tropical cyclogenesis is not yet complete.
However, there is mounting evidence that the interaction
between the vorticity remnants of clouds promotes an
upscale cascade of cyclonic vorticity that is an important
component in the formation of a nascent cyclone-scale
vortex. This work is conceived as a useful building block for
future studies of this issue.
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